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Chapter 1 : Synthesis

Outline
This thesis deals with the interactions between Emiliania huxleyi and dissolved

inorganic carbon in seawater. This interaction is separately dealt with for the two directions:
The influence of the dissolved inorganic carbon system on E. huxleyi (chapters 1.4, 2 & 3), and
the influence of E. huxleyi on the dissolved inorganic carbon system (chapters 1.5, 4 & 5). In
the first section it is shown that the growth rate of E. huxleyi is close to the maximum growth
rate under typical oceanic conditions of dissolved inorganic carbon (Figure 2.7). Therefore, no
feedback between the two directions of interaction is to be expected, and thus there is no third
section to deal with this feedback, just as in the model there is no influence of dissolved
inorganic carbon on growth rate (chapter 5). Chapter 2 deals with the influence of the different
species of the dissolved inorganic carbon (DIC) system on the rates of carbon fixation in
particulate organic carbon (POC) and calcite (CaCO3) by E. huxleyi. Chapter 3 deals with the
influence of zinc limitation on the use of DIC. Chapter 4 presents the influence of E. huxleyi on
the DIC system in a phytoplankton bloom in the North Sea in 1993. Chapter 5 presents the
influence of E. huxleyi on the DIC system using a numerical model of a bloom of E. huxleyi. At
the end of these two sections some recommendations are given for extending the research in the
direction that has been followed in this thesis (at the end of the discussion in chapter 3 and the
summary in chapter 5). In order to place these detailed studies in the wider context of the global
carbon cycle this chapter starts with three sections on the global carbon cycle (chapter 1.1), the
marine carbon cycle (chapter 1.2) and intracellular processes (chapter 1.3). The first section
proceeds from the largest pool of carbon on the earth (solid carbonates in the sediments) to the
smallest (biomass in the sea), and the second section illustrates how part of this minute pool of
biomass in the ocean, the calcifying planktonic algae, are responsible for producing ¾ of the
pool of carbonates (calcite) by slow accumulation over geological timescales. Since it is
impossible to give a full description of the research that has been conducted on all of the topics
that are briefly addressed here, each subsection ends with some references for further reading.

1.1 The global carbon cycle
‘The virtues of carbon dioxide are in inverse ratio to the sinister reputation which “a little
knowledge” and a narrow homocentric point of view have given it’ (Chamberlin 1898).

After hydrogen and oxygen, carbon is the most abundant atom in living organisms. Figure
1.1 gives an estimate of the reservoirs of carbon on the earth. Over the second half of the 20th

century, a major scientific effort has focused on the global carbon cycle, especially on the more
active reservoirs, which are also the smaller reservoirs. While this effort is by no means
completed, with the increase in knowledge additional areas for future study have been
identified, which may gain in importance in future research. Three areas come to mind:
1) The importance of the biosphere not only in performing chemical reactions which are

predicted by chemical equilibria (such as the precipitation of CaCO3), but also of redirecting
biogeochemical cycles (such as the production of all the oxygen in the atmosphere from an
initially reducing atmosphere) and to make use of this catastrophy (Westbroek 1991),

2) The feedbacks that result from the coupling of the biogeochemical cycles of the various
chemical elements that have thus far mostly been studied separately (as noted in several
chapters of Butcher et al. 1992),

3) Now that the larger fluxes among the smaller reservoirs become more and more accurately
known, it is to be expected that the small fluxes that only become important by
accumulating over geological time scales, and that can depart further from steady state
assumptions on short time scales, will probably receive more attention.

(Further reading, Bolin et al. 1979).
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Figure 1.1 Reservoirs of carbon on the earth in 1018 mol C (adapted from Figure 1
in McConnaughey 1994, data from Hay 1985 (carbonates & fossil organic), IPCC
1990 (DIC, soil, atmosphere, DOC & biomasses), Table 1.1 (fossil fuels)), for flux
magnitudes see Figure 0.2 on page 92.

The global carbonate cycle
The major processes in the global carbonate cycle are weathering (= corrosion),

precipitation, sedimentation and dissolution. The two major processes of weathering on land
that consume atmospheric CO2 are weathering of carbonates and of silicates. The gross reaction
of weathering of carbonates proceeds according to the reaction:

Ca0.81Mg0.19CO3 + CO2 + H2O → 0.81 Ca2+ + 0.19 Mg2+ + 2HCO3
- (1.1).

The fractional contributions for calcium and magnesium indicate that the two main carbonates
calcite (CaCO3) and dolomite (CaMg(CO3)2) are weathered in a ratio of about 3:1. The gross
reaction of weathering of silicates proceeds according to the reaction:

Na0.23K0.10Ca0.14Mg0.19Al0.70Si1.4O4.19(OH)0.30 + CO2 + 2.12 H2O →
0.23 Na+ + 0.10 K+ + 0.14 Ca2+ + 0.19 Mg2+ + Al0.7Si0.83O2.07(OH)1.25

+ 0.57 H4SiO4 + HCO3
- (1.2).

This involves the weathering of a mixture of feldspars. These two types of weathering proceed
at approximately equal rates (Morse & Mackenzie 1990), and the weathering of organic carbon
(the reverse of reaction 1.5) also proceeds at a comparable rate (Butcher et al. 1992). This
means that of the dissolved inorganic carbon in rivers about 1/3 comes from the atmosphere, 1/3

comes from the weathering of organic carbon, and the remaining 1/3 comes from carbonates.
The products of these weathering reactions are transported to the ocean by rivers, and

constitute the input for the ocean carbonate budget in Figure 1.2. In the ocean carbonates are
precipitated by marine organisms: several sorts of animals: corals, foraminifera and pteropods,
and a group of plants: the coccolithophorid algae, of which Emiliania huxleyi is a member.
These algae are eaten by zooplankton (small animals) and their fecal pellets (faeces) sink to the
ocean floor, this is called sedimentation. Some of the carbonates dissolve in the upper ocean.
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Figure 1.2 The global carbonate cycle. All fluxes in 1012 molÂ\HDU-1 (Figure 12 in
Wollast 1994).

Because the upper ocean is supersaturated with calcite, it is generally assumed that this
dissolution is caused by acid production by marine organisms in microenvironments within the
diffusive boundary layer around particles (see chapter 4), although sufficient proof for this
assumption is lacking. In the deep ocean the water is undersaturated with respect to calcite and
here the carbonate is dissolved by chemical dissolution. Although the shelf seas represent only a
small part of the ocean by surface area (7%, Menard & Smith 1966), the amount of carbonates
that are stored in the sediments there is highest (45% of total in Figure 1.2), because production
per surface area is higher than in the open ocean (26% of total in Figure 1.2), and the
continental shelf lies well above the depth where carbonates dissolve.

According to the budget in Figure 1.2, the total export of carbonates by sedimentation
(33.1⋅1012 mol⋅y-1 = 66.2⋅1012 equivalent⋅y-1)* is higher than the import by the rivers (13⋅1012

mol⋅y-1 = 26⋅1012 equivalent⋅y-1). Although it is generally thought that export is higher than
import during interglacials, the difference must be much smaller, because at this rate the ocean
would be devoid of alkalinity (alkalinity is explained in ‘Inorganic carbon speciation in sea
water’) in 105 years. The river fluxes reported by Morse & Mackenzie (1990, their table 9.7)
suggest that the import by rivers in Figure 1.2 represents only the particulate flux of 13.9⋅1012

mol CO3
2-⋅y-1, and not the dissolved flux of 32.4 mol HCO3

-⋅y-1. Together these would bring the
import of alkalinity to 60.2⋅1012 equivalent⋅y-1 (= 2 * 13.9 + 32.4, with the factor 2 due to the 2
negative charges of CO3

2-), which is a much closer correspondence between export from and
import into the ocean. The higher export during interglacials is compensated by higher import
                                                 
* Recently, alkalinity has been expressed in mol rather than equivalent (e.g. Milliman et al.
1999). I think this only adds to the risk of confusion, which already exists, because the
carbonate / alkalinity budget is sometimes expressed as concentration (mol) and sometimes as
alkalinity (equivalent). For instance, when particulate river transport is expressed as carbonate
(CO3

2-) and dissolved river transport is expressed as bicarbonate (HCO3
-), with 1 mol CO3

2- = 2
equivalent CO3

2-, and 1 mol HCO3
- = 1 equivalent HCO3

-.
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during glacial periods, when the sea level is some 100 meters lower, so that more land is
exposed and the weathering rate is higher. Over long periods of time the imports must equal the
exports, for otherwise the carbonate concentration in the ocean would keep changing, while the
available evidence shows that this is not the case (Sigman et al. 1998). There is a feedback
mechanism that maintains this balance: if sedimentation exceeds weathering the carbonate
concentration decreases and the depth at which carbonates are saturated becomes shallower.
Carbonates between the old saturation depth and the new saturation depth then dissolve, which
acts as an additional import until a new steady state is generated.

In the ocean most of the carbonate is precipitated by marine organisms (Morse &
Mackenzie 1990), and during the last decades the perceived importance of chemical (abiotic)
precipitation has been decreasing (Westbroek 1991). Marine organisms precipitate either calcite
(e.g. coccolithophorids and foraminifera) or aragonite (e.g. pteropods and corals)(Morse &
Mackenzie 1990). Since aragonite is less stable than calcite, aragonite is more easily dissolved
in the water column or in the top of the sediment. If it survives, then most of it is converted to
calcite within the sediment. Calcite generally contains between 0 and 15 % Mg2+ (mol/mol).
Since a mixture of low magnesium calcite (< 1%) and dolomite (CaMg(CO3)2) is more stable
than high magnesium calcite, dolomite is formed within the sediment, but it has also been
precipitated directly from seawater (Morse & Mackenzie 1990). The average Ca /Mg ratio of
continental carbonate rocks is about 5:1 (Ronov 1980 as quoted in Morse & Mackenzie 1990),
which corresponds to a calcite /dolomite ratio of about 4:1.

The contribution of coccolithophorids to the CaCO3 flux at 1000 m. depth has been
estimated to be 12 ± 6% (Broerse 2000, Table 7.1). The fractional contribution of
coccolithophorids to oceanic CaCO3 production may be even lower, since benthic foraminifera
produce high magnesium calcite and pteropods and corals produce aragonite, both of which are
more soluble than the low magnesium calcite that is produced by coccolithophorids (Morse &
Mackenzie 1990). Dissolution of CaCO3 above the lysocline (which lies at ~4 km. depth for
calcite) has only recently been recognized as an important process (chapter 4, and references in
Milliman et al. 1999). This also implies that dissolution of the more soluble high magnesium
calcite and aragonite (the lysocline for the latter lies at ~1 km. depth) may be important, even if
most of the production of these forms of CaCO3 is by shallow-living benthic organisms. The
total bloom productivity of coccolithophorids can be estimated to be 1.3⋅1011 mol⋅y-1, by
multiplying the average calcification rate in the 1993 E. huxleyi bloom in the North Sea of 3
mmol⋅m-2-⋅d-1 (Wal et al. 1995) with the surface area of coccolithophorids which is visible on
satallite images of 1.4⋅106 km2⋅y-1 (Brown & Yoder 1994) and an average bloom duration of 30
days. This coccolithophorid bloom productivity estimate is 1.4 ‰ of the total CaCO3

production in Figure 1.2. This contrasts rather markedly with the statement of Westbroek et al.
(1985) that ‘E. huxleyi is the most productive lime-secreting species on earth’ (statement
2)(further reading: Milliman et al. 1999).

The organic carbon cycle
The amount of fossil organic carbon that is formed is of the same order of magnitude as

the amount of calcite. However, there is a much greater variation in estimated rates of
preservation, possibly due to the following reasons:
1) At present fossil fuels are burned between 100 and 1000 times faster than the preservation

of fossil organic carbon, so that it is impossible to measure the non-human degradation rate
(this is usually called the pre-industrial degradation rate),

2) There is a much bigger difference between production and fossilisation of organic carbon
(100 to 1000-fold) than between production and fossilisation of carbonates (3 to 7-fold), so
that it is more difficult to estimate how much is preserved on the basis of how much arrives
on the ocean floor,
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Table 1.1 Fossil fuel reserves (data for 1993)
Identified
[1021 J]*

undiscovered
[1021 J]*

10-6 molÂ--1 + 1018 mol C

Conventional oil 6.3 2.69 1.66 0.015
Conventional gas 5.48 6.27 1.27 0.015
Coal 21.915 239.59 2.11 0.553
non-conventional oil 10.795 1.66 0.018
non-conventional gas 815.5 1.27 1.038
Total [1018 mol C] 0.082 1.557 1.638

* ‘Voorraden en prijzen van fossiele brandstoffen’ ECN, Petten, The Netherlands
+ pers. comm. P. Lako (ECN)

3) There is a wide variety of organic molecules, that all have different biodegradabilities. Only
the least biodegradable organic molecules get preserved in the sediment. By contrast, only
two carbonates are produced to any significant extent: calcite and aragonite, of which
aragonite is either dissolved or transformed into calcite, while some calcite is transformed
into dolomite (see ‘The global carbonate cycle’).

The present estimate of the fossil fuel reserves is subject of considerable debate, because
only 5% of the estimated reserves have been identified (Table 1.1). At the current rate of
production of fossil fuels the identified reserves alone will last us 150 years. However, the
production rate is increasing, while the production capacity is decreasing. Therefore, it is
predicted that the demand will exceed the production capacity at around 2015
(http://www.dieoff.org)(further reading: Kump & Arthur 1999).

The dissolved inorganic carbon cycle
In Table 1.2 it can be seen that the ocean is a sink for anthropogenic CO2. There are two

mechanisms that are responsible for this sink. There is a physical carbon pump and a biological
one. The physical carbon pump is composed of two components. The faster component
transports water along isopycnals (water of equal density) in the upper ocean (to maximum
depths of 1 km at 30°N) between approximately 40°N and 40°S. This has an exchange time of
about 130 years. The slow component encompasses the slow turnover of all ocean waters, and
has been nick-named the conveyor belt (Broecker & Peng 1982, Figure 1.3). The conveyor belt
runs as follows: surface water sinks in the Antarctic (~40°S) and in the North Atlantic (~40°N).
The deep water in the North Atlantic flows south to Antarctica and mixes with the Antarctic
deep water, which flows north into the South Atlantic and east in the Southern Ocean. This mix
flows north into the Indian and Pacific Oceans. The water rises again (this is called upwelling)

Table 1.2 Global anthropogenic carbon budget, average for 1980-1989 in
1014 molÂ\HDU-1 (IPCC 1996).

CO2 sources
Fossil fuel combustion and cement production 4.6 ± 0.4
Changes in tropical land use 1.3 ± 0.8
Partitioning amongst reservoirs
Storage in the atmosphere -2.7 ± 0.2
Ocean uptake -1.7 ± 0.7
Northern Hemisphere forest regrowth -0.4 ± 0.4
Total 1.1 ± 1.3*

* Estimated effects of nitrogen fertilisation (-0.4 ± 0.8Â��14 molÂ\HDU-1) and CO2

fertilisation and climatic effects (0 to -1.7Â��14 molÂ\HDU-1) have not been included.
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Figure 1.3 Schematic representation of ocean currents: the global conveyor belt.
Solid lines represent deep water flow, dashed lines represent surface water flow,
filled circles represent upwelling regions and open circles represent regions of deep
water formation (Figure 1-13 in Broecker & Peng 1982).

in the Equatorial Pacific and in the Southern Ocean (~60°S). The conveyor belt completes its
journey by surface flows between Asia and Australia to the southern tip of Africa and then
north-west into the Atlantic and also south of South America into the Atlantic (Semtner &
Chervin 1992, see also Broecker 1991). Surface water is 15°C on average, and cools before it
sinks (cold water is heavier) and becomes deep water, which is around 4°C. This cooling
increases the solubility of CO2, and therefore the temperate regions where the water is cooled
are sinks for atmospheric CO2, while the water that wells up is warmed so that the Equatorial
Pacific is a source for atmospheric CO2. Because the atmospheric CO2 is on the increase (Figure
1.4), the sink of newly formed deep water can be calculated to be bigger than the source of deep
water that was formed before the industrial revolution. This net sink constitutes the
physicalcarbon pump. The rate at which this conveyor belt runs has been estimated by
comparing the average concentration of 14C (which is formed in the atmosphere) in the surface
ocean with the average concentration of 14C in the deep sea, which is lower because the
concentration of 14C decreases by radioactive decay (see chapter 5 in Broecker & Peng 1982 for
details). The average age of deep water is about 1000 years. Because the surface ocean is made
up of only the upper 200 m and the other 3600 m is the deep ocean, surface currents are much
faster than the deep currents. It only takes a few years for surface water to circle the ocean
basins such as the North Atlantic.

The biological pump is fuelled by algae growing on sunlight and using inorganic carbon
(CO2 and/or HCO3

-). Part of this carbon is replenished from the atmosphere by air-sea gas
exchange. This is the first step in the biological carbon pump. The second step is in particulate
form by sinking particles from the upper ocean to the deep sea. Since algae are mostly very
small and therefore sink very slowly most of the particle flux is in the form of fecal pellets of
zooplankton and marine snow (particles that have been formed by aggregation of smaller
particles of which it is usually hard to recognise the origin). In the deep ocean most of the
material is broken down by bacteria and animals into inorganic carbon again to enter into the
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Figure 1.4 CO2 concentration in the atmosphere, sampled on Mauna Loa, Hawaii,
USA. Data from http://cdiac.esd.ornl.gov/ftp/maunaloa-co2, see also Keeling et al.
(1996).

conveyor belt. Only a small portion escapes this respiration and ends up at the bottom of the
ocean, where again most is broken down by benthic organisms, and a minute fraction is buried
in the sediments. Over the last 3.6*109 years, this burial (and to a smaller extent also
sedimentformation on land) has given rise to the fossil organic carbon, and over the last 5.3*108

years the larger amount of fossil carbonates has been formed. Since the physical pump, and
maybe also the biological pump transport more carbon downward than is transported upward
during times that the atmospheric CO2 is on the rise the oceans act as a buffer for atmospheric
CO2 over time-scales shorter than 1000 years (see ‘Ocean uptake’ in Table 1.2)(further reading,
Broecker & Peng 1982, Bakker 1998).

Organic carbon in the biosphere
Apart from the fossil organic carbon, organic carbon is stored in biomass, in soils on land

and as dissolved organic carbon in the ocean. The cycling of organic carbon on land is quite
different from that in the sea. On land the average lifetime of biomass is about 5 years, while in
the sea it is in the order of 1 month. Therefore, although the productivity on land is only about 3
times as much as in the sea (IPCC 1990), the amount of biomass on land is about 200 times as
large as in the sea (Figure 1.1). Soil organic carbon acts as a temporary reservoir of carbon, with
a lifetime of about 30 years (IPCC 1990), but there is no significant fossil carbon formation on
land nowadays (Bolin et al. 1979). Any organic carbon of terrestrial origin that gets
incorporated into the sediment does so by being transported to the sea by rivers and sedimenting
on the sea floor. Most of the organic carbon pool in the ocean is refractory dissolved organic
carbon, which has a lifetime of about 9000 years (Clercq 1997)(further reading: Clercq 1997,
Wiebinga 1999).
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Figure 1.5 Cycles of material through the food web (adapted from Figure 5.7 in
Lalli & Parsons 1993). On top the classical foodchain from the primary producers
(phytoplankton) to the toppredators (Homo sapiens, not indicated). Below, the
microbial loop which both degrades and repackages the dissolved and particulate
organic carbon (POC & DOC) from the classical food chain.

Anthropogenic changes in the global carbon cycle
‘The scientists who extrapolate trends agree to a large extent, but that doesn’t mean that they are
right’ (Verkoren (2000) suggesting a parallel between the mistaken demographic predictions of
the 1960s and demographic predictions of today; my translation).

The research that is described here falls within the NWO-project Global Change
(Verstoring van Aardsystemen). Global change is first of all change in elemental cycles on the
earth due to human activities. While the absolute anthropogenic impact on the global carbon
cycle is larger than of any other element, the impact on several metals, sulfur and nitrogen is
much larger relative to their natural cycles (Butcher et al. 1992) However, because this thesis is
about an alga and carbon, for the purposes of this thesis global change is most readily apparent
from the rise in the atmospheric concentration of carbon dioxide (CO2; Figure 1.4). This rise
can be readily attributed to the burning of fossil fuels and the production of cement, which have
been on the increase since around 1780. In addition, due to the cutting of forests and the
conversion of grassland into agricultural land, the amount of carbon in terrestrial biomass and
soils has been decreasing. In this way, an estimated total of 34.5 Pmol have been emitted up to
1995. The increase in atmospheric CO2 has been estimated at 12.9 Pmol (Pilson 1998). In order
to trace where the remaining 21.6 Pmol carbon has gone, a global carbon budget has been
derived (Table 1.2). As can be seen the uncertainty on these data is rather large, which is not
surprising since it must integrate every process on the planet that involves carbon. Since the
loss to and gain from space is negligible, the added total of sources and sinks should not be
significantly different from zero, and it isn't. Thus, there is no missing sink (statement 3).

1.2 Marine biology and chemistry
Food web and elemental cycles

The study of the marine food web started from the perspective of fisheries (Mills, 1989).
As a consequence of this the food web was first studied as a linear progression from algae via
zooplankton to zoonekton (plankton being non-motile organisms and those that swim more
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Figure 1.6 Speciation of the dissolved inorganic carbon system. xCO2 is the mixing
ratio of CO2 in air, this ratio can be measured by infrared absorption. Multiplying
xCO2 by the pressure (P) gives the partial pressure (pCO2, not indicated) and by
correcting for the non-ideal gas behaviour the fugacity (fCO2) is obtained (Weiss
1974). The concentration of CO2

* is often expressed as the fugacity in equilibrium
with this concentration, the equilibrium concentration is given by the apparent
solubility constant K0’. If CO2

* in the sea is not in equilibrium with fCO2 in the air
then diffusion will start to equilibrate these two at a rate that is a function of the
concentration difference and the gas transfer velocity k, which is a function of wind
speed u* and temperature T. The equilibrium between CO2

*, bicarbonate (HCO3
-)

and carbonate (CO3
2-) is governed by the apparent first and second dissociation

constants of carbonic acid K1’ and K2’, which are functions of temperature and
salinity S.

slowly than ocean currents, and nekton being able to move independent of ocean currents),
which is therefore called the classical food chain (Figure 1.5). When staining techniques were
developed that made it possible to count bacteria, the important role of bacteria in recycling the
material from dead organisms and excreted material (both particulate and dissolved) was
discovered, and the concept of the microbial loop was introduced (Azam et al. 1983). Part of
this dead material is degraded to nutrients and part is converted to biomass. The bacterial
biomass is then eaten by microzooplankton, and the latter are eaten by mesozooplankton, thus
reintroducing material that has been ‘lost’ from the classical food chain. The total picture of this
then is that at the base of the marine food chain are the alga that use the energy from the sun to
produce organic matter, and this material feeds the whole community of heterotrophic
organisms, with each organism feeding preferentially on live organisms, and during food
shortage on degraded material as well (Figure 1.5). For a different representation of the same
food chain from the perspective of carbon flow see Figure 5.1 (further reading: Lalli & Parsons
1993, Berger et al. 1989).

Inorganic carbon speciation in sea water
Figure 1.6 shows a schematic representation of the chemical speciation of carbon dioxide

(CO2). CO2 is not a particularly soluble gas: at 10°C about as much CO2 can be dissolved in 1
L. water as in 1 L. air. Once dissolved, however, CO2 is hydrated to form carbonic acid
(H2CO3), which splits of 1 or 2 protons, to give bicarbonate (HCO3

-) and carbonate (CO3
2-).

Sea-water in equilibrium with the atmosphere contains about 2 mM of dissolved inorganic
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Table 1.3 The DIC system: dissociation constants and definitions.
fCO2
_          __________K0' =
[CO2]

*

[H+] [HCO3
-]

_                                           __________K1' =
[CO2]

*

[H+] [CO3
2-]

_                                           _______K2' =
[HCO3

-]

DIC = [HCO3
-] + [CO3

2-] + [CO2]
*

Alkalinity = [HCO3
-] + 2* [CO3

2-] + [B(OH)4
-] + [SiO(OH)3

-] + [OH-] + [HPO4
2-] +

2* [PO4
3-] + [NH3] + [HS-] + 2* [S2-] – [H+] – [HSO4

-] – [HF] – [H3PO4]

carbon (DIC), which is the sum of CO2, H2CO3, HCO3
- and CO3

2-. Of this 2 mM less than 1% is
CO2, ∼ 0.002% H2CO3, ∼ 90% HCO3 and ∼ 9%CO3

2-. Because of the very low concentration of
H2CO3, this is usually included with CO2, which is then written as CO2

* (or often simply as
CO2). The dissociation constants that define the equilibrium ratios between the inorganic
carbon species are defined in Table 1.3.

DIC, which is the sum of all dissolved inorganic carbon species, keeps track of the mass
balance. Alkalinity keeps track of the charge balance, and is measured in equivalents (that is,
the charge or valency of an ion multiplied by its concentration). Alkalinity is the difference
between the fully dissociated cations and the fully dissociated anions. This difference is
balanced by the dissociation of weak acids, 97% of which is the dissociation of carbonic acid.
Thus, alkalinity can be simplified to:

carbonate alkalinity = [HCO3
-] + 2*[CO3

2-] (1.3).

When discussing biological processes these two parameters (DIC and alkalinity) are very
useful. For instance, when considering the production of organic carbon by plants that use
inorganic carbon it does not matter in the bulk solution whether they take up CO2 or HCO3

-,
which is often a matter of debate. (There is a difference in the diffusive boundary layer around
the cell (Wolf-Gladrow & Riebesell 1997).) If cells take up HCO3

- they take up DIC and a
negative charge (= alkalinity). The charge balance of a cell is under tight control, and to
compensate for the negative charge the cells have two options. Non-calcifying cells take up H+

or excrete OH-. This compensates for the alkalinity taken up with HCO3
- (Table 1.3), and the net

effect is the same as for CO2
 uptake: DIC decreases and alkalinity is not affected. Calcifying

algae compensate for the negative charge by taking up Ca2+ and precipitating this as calcite:

2HCO3
- + Ca2+ → CaCO3 + CO2 + H2O (1.4),

which is the reverse of the weathering reaction 1.1 of carbonate rocks that is mentioned in ‘The
global carbonate cycle’ (chapter 1.1). Thus, calcification decreases alkalinity twice as much as
DIC, and increases the concentration of CO2, even though DIC decreases. This CO2 is normally
used in photosynthesis:

CO2 + H2O → (CH2O)org + O2 (1.5),

with (CH2O)org, the formula for carbohydrate, as a simplified representation of organic matter. If
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Figure 1.7 Transmission electron micrograph of Emiliania huxleyi. White areas are
formed by dissolution of the extracellular and intracellular (Coc) coccoliths during
sample preparation. The chloroplast (Chl) and nucleus (Nu) are indicated (Figure 9
in Pienaar 1994).

calcification and photosynthesis are performed in a ratio of 1:1 the overall reaction then
becomes:

2HCO3
- + Ca2+ → (CH2O)org + CaCO3 + O2 (1.6).

In chapter 2 it is shown that E. huxleyi uses both HCO3
- and CO2, thus performing a mixture of

reactions 1.5 and 1.6. DIC and alkalinity are also the more useful parameters when discussing
physical processes. Since the mass and charge balances must also apply when two different
water masses are mixed, the DIC and alkalinity can be directly calculated from the respective
contributions of the two water masses to the mixture. The same is not true for the other
concentrations in the DIC system, because HCO3

-, CO3
2-, CO2 and pH depend in a non-linear

way on DIC, alkalinity, temperature and salinity. In order to make DIC and alkalinity
independent of temperature, salinity and pressure they are expressed in units per kg, because a
kg is always a kg, whereas a cold, saline litre of water in the deep ocean weighs more than a
warm, fresh litre of water at the surface.

The intricacies of inorganic carbon speciation can become quite complicated, and for a
theoretical understanding I would recommend Zeebe & Wolf-Gladrow (in prep.). However,
when considering combinations of organic carbon production, calcification and organic
nitrogen production (for the latter, see chapters 2, 4 and 5), it proved to be more informative to
do some calculations, for which a freeware program is available by Lewis & Wallace
(http://cdiac.esd.ornl.gov/oceans/co2rprt.html) (further reading: Stoll 1994).

Coccolithophorids
There are several families of algae that produce coccoliths, which are collectively known
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Figure 1.8 Scanning electron micrograph of Emiliania huxleyi.

as the coccolithophorids. Coccoliths are platelets of CaCO3, which are precipitated as calcite
crystals. The calcite is precipitated intracellularly in specialised vesicles that are connected with
the Golgi apparatus (Figure 1.7). After completion the coccoliths are extruded, but are retained
in a sphere of interlinked coccoliths on the outside of the cell (the coccosphere, Figure 1.8). The
shape of these coccoliths is very distinctive and allows the identification of different species,
and even of different morphotypes within the same species (Young & Westbroek 1991).
Coccolithophorids first appeared in the sedimentary record about 230 million years ago. They
were especially abundant during the late Cretaceous (around 80 million years ago) and formed a
layer of chalk on what was the sea bottom at that time. This layer of chalk covers most of north-
west Europe, among other regions (Young et al. 1994). The white cliffs of Dover are the best-
known example. Coccolithophorids form massive blooms which cover a total area of 1.4Â��6

km2 on average each year (Figure 1.9).
Young (1994) divides the coccolithophorids into four groups according to ecological and

morphological criteria (Figure 1.10):
1) Placolith bearing r-selected (MacArthur & Wilson 1967) opportunist species adapted to

exploit variable eutrophic conditions. These are highly productive species found in
upwelling areas, coastal seas and in the temperate regions.

2) Umbelliform K-selected (MacArthur & Wilson 1967) affinity specialised species adapted to
steady oligotrophic conditions. These are low productive species found in the upper 100 m
of the subtropical ocean gyres (10-30° latitude).

3) Floriform deep dwelling species, low light adapted, and highly productive; possibly r-
selected.

4) Motile species with a widespread biogeography and relatively low abundance. These are
possibly K-selected storage specialists that exploit high nutrient patches by being motile.

In the same paper (Young 1994) a compilation is given of possible functions of coccolith
production (Figure 1.11). It is relatively straightforward to test the applicability of these
functions by comparing calcified to non-calcified species, but it has proven very difficult to
undertake the ecologically more interesting task of predicting the relative success of species on
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Figure 1.9 Composite satellite image of all the coccolithophorid blooms (in white)
between November 1978 and June 1986, taken by the Coastal Zone Color Scanner
(Plate 1 in Brown & Yoder 1994).

the basis of such studies. In chapter 2 it is shown that the tight coupling between calcification
and photosynthesis rates is consistent with function 2a: the biochemical convenience of using
HCO3

- with only a small increase in the seawater pH (Figure 1.11). In this respect it is relevant
to note that function 2a is the only function that depends on the process of coccolith formation
while the other functions depend on the possession of a coccosphere around the cell, and that E.
huxleyi is the only coccolithophorid that continues producing coccoliths even when the cell has
a complete coccosphere. (This results in either more than one layer of coccoliths around the cell

Figure 1.10 Ecological distribution of coccolithophore types. Cartoon to illustrate
the three communities discussed in the text: 1. Placolith dominated, 2. Umbelliform
dominated, 3. Floriform dominated, 4. Motile species (dispersed). Arrows indicate
nutrient flux (Figure 6 in Young 1994).
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Figure 1.11 Possible functions of coccoliths (Figure 2 in Young 1994).

or in the shedding of coccoliths into the sea water medium.) From this it may be speculated that
E. huxleyi is the only species that benefits significantly from function 2a (see Figure 2.4)(further
reading: Winter & Siesser 1994).

Emiliania huxleyi
Emiliania huxleyi is a unicellular alga of about 5 µm. diameter (Figures 1.7, 1.8). It is a

placolith producing coccolithophorid. E. huxleyi evolved only approximately 260,000 years ago
(McIntyre 1970). Its phylogenetic position is indicated in Table 1.4. More detailed
characterisations of several varieties of E. huxleyi have been performed by Bleijswijk et al.
(1991) using immunofluorescent labelling of polysaccharides and morphometry, Young &
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Table 1.4 Phylogenetic position of Emiliania huxleyi (from Jordan & Green 1994).
Phylum: Haptophyta
Classis: Prymnesiophyceae
Subclassis: Prymnesiophycidae
Ordo: Prymnesiales
Familia: Noëlaerhabdaceae
Genus: Emiliania
Species: Emiliania huxleyi

Westbroek (1991) using morphometric analysis, and Medlin et al. (1996) using molecular
biological techniques. Today, E. huxleyi has a cosmopolitan distribution, which excludes only
the polar regions (McIntyre & Bé. 1967).

The ecological niche of Emiliania huxleyi is generally thought to include two main
features: its competitive advantage under phosphate limitation, and its broad light optimum.
The competitive advantage under phosphate limitation is due to both its high affinity for
inorganic phosphate, and its ability to use organic phosphorus. The broad light optimum means
that it has both a high affinity for light, and a high tolerance for high light intensities (Riegman
et al. 1998). These two features make it understandable why blooms of E. huxleyi are generally
found at times and places where there is a stable, relatively shallow upper mixed layer, because
this tends to decrease the upward transport of nutrients, and thus gives rise to low nutrient
concentrations, and it also increases the average amount of light that algae are exposed to. Such
a stable shallow mixed layer is typically found in the summer months in the temperate regions,
where blooms of coccolithophorids are most extensive, as can be seen in Figure 1.9 and in more
detail in the seasonal subdivisions of this figure (Brown & Yoder 1994). A more detailed
discussion of the (eco)physiology of Emiliania huxleyi can be found in the thesis of Bleijswijk
(1996).

In the Global Emiliania Modelling initiative (GEM, Westbroek et al. 1993) the use of a

Figure 1.12 Simplified scheme of the Global Emiliania modelling initiative
(GEM) approach with a hierarchical set of compatible models (adapted from
Westbroek et al. 1993, 1994).
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single organism, Emiliania huxleyi, is advocated as a model for the biological response to
global change. The idea is to study one organism in detail and try to understand its workings at
several levels of organisation (from the molecular through to the geological, Figure 1.12) and
then test the general applicability of these workings on a wider range of organisms. The
knowledge thus obtained should be easier to integrate than to study different levels with
different subsets of organisms, and then to try to integrate that into knowledge. This thesis deals
with the relationship between E. huxleyi and carbon on two of these levels of organisation: the
physiological (chapters 1.3, 2 & 3) and the oceanic (chapters 1.4, 4 &5)(further reading:
http://www.soc.soton.ac.uk/SOES/STAFF/tt/eh/).

1.3 Intracellular processes
Enzyme kinetics

Enzymes act as catalysts in many reactions that take place inside the cell. This is done
either by lowering the activation energy of exogenous (energy producing) reactions, or by
coupling the reactions to an exogenous reaction (often the hydrolisation of ATP, which is the
main energy carrier in the cell). In the simplest case, the rate of an enzyme-catalysed reaction is
a function of the concentration of one rate-limiting substrate (= reactant), which is described by
the Michaelis-Menten kinetics equation:

V = Vmax * [S] / ([S] + K½) (1.7),

in which V is the rate of the reaction, Vmax is the rate when the reaction is saturated with
substrate, [S] is the substrate concentration, and K½ is the concentration at which the rate is half
of Vmax (Michaelis & Menten 1913). Although strictly speaking Michaelis-Menten kinetics are
only applicable for a single enzyme, it is often used to describe other cellular processes such as
the growth rate (Figures 2.5b, 2.7c). Although it would be more correct to describe growth with
a combined equation for diffusion of the substrate to the enzyme, and the enzyme reaction that
limits the growth rate, the influence of the diffusion step is often smaller than the measurement
error of the growth rate. In that case the description does not become more accurate with a more
complicated equation (further reading: Morel 1987).

Carbonic anhydrase
Carbonic anhydrase is the enzyme that catalyzes the conversion between HCO3

- and CO2.
Since the conversion is not coupled to a free energy decreasing reaction, the enzyme catalyses
the conversion towards chemical equilibrium. The function of carbonic anhydrase depends on
its location: extracellular carbonic anhydrase tends to catalyse the conversion of HCO3

- towards
CO2 in cells that take up CO2 exclusively or in preference to HCO3

-. Cytosolic carbonic
anhydrase is sometimes thought to be associated with active uptake of CO2, and to catalyse the
conversion of CO2 towards HCO3

-, to limit diffusive loss of CO2, which can pass through the
cell membrane, while the charged HCO3

- cannot. In the chloroplast the function of carbonic
anhydrase is to catalyse the conversion towards CO2 again, because the primary carbon fixing
enzyme in C3 plants is Rubisco (Ribulose-bis-phosphate carboxylase /oxygenase), which uses
CO2 as its substrate (Cooper et al. 1969). In Emiliania huxleyi carbonic anhydrase has been
found in the chloroplast (Nimer et al. 1995) but no extracellular enzyme could be detected
(Riebesell unpublished). Because of the presence of inhibitor(s) in the cytosol (Nimer et al.
1995) the presence of cytosolic carbonic anhydrase seems unlikely. The cofactor for carbonic
anhydrase is Zn2+, without which the enzyme is inactive. In chapter 3 this fact is used to
determine the role of Zn2+ in HCO3

--use by Emiliania huxleyi, by growing the algae at varying
Zn2+ concentrations (see 1.4 and chapter 3)(further reading: Graham et al. 1984).
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Figure 1.13 Data of 13C/12C ratios in POC and CaCO3, relative to medium DI13C,
in Emiliania huxleyi grown under inorganic carbon limitation (E. Buitenhuis, J.
Engler, U. Riebesell, H. de Baar unpubl.). A-D) experiment at constant pH, E-F)
experiment at constant CO2, G-J) experiment at constant alkalinity. See ‘Materials
and methods’ in chapter 2 for details of the experimental setup.

13C discrimination
Carbon is the 6th element in the periodic table because its nucleus contains 6 protons.

Most carbon has 6 neutrons in the nucleus, bringing the atomic weight to 12: 12C. A small
fraction of the carbon atoms has more neutrons: 1.1% has 7 neutrons (13C) and 10-10% (in
atmospheric CO2) has 8 neutrons (14C). 13C is a stable isotope, that is, it is not radioactive. 14C is
radioactive and emits an  electron to become  normal  14N with  7 protons and  7 neutrons. 14C is
used in two types of studies in oceanography: for age determination using the very small
amounts of natural 14C (see ‘The dissolved inorganic carbon cycle’ and ‘Organic carbon in the
biosphere’, chapter 1.1) and for the determination of carbon uptake rates using synthetic 14C
(rates of photosynthesis and calcification in chapter 2).

13C is used for three types of studies in oceanography: for physiological studies of carbon
uptake mechanisms (Spero et al. 1997), for measuring partitioning of carbon between reservoirs
of the global carbon cycle (Ciais et al. 1995, Battle et al. 2000), and for paleoreconstruction of
the global carbon cycle (Hayes et al. 1989). The basis for the use of 13C in all of these
approaches is the discrimination against 13C in certain processes, such as photosynthetic carbon
fixation. This discrimination is based on the preference of the carbon fixing enzyme Rubisco
(Ribulose-bisphosphate carboxylase/oxygenase) for 12CO2, that is, the reaction rate with 12C is
1.029 times faster than with 13C (Raven et al. 1993). Determination of the 13C/12C ratio is
accurate enough to detect this small difference. This discrimination takes place under
equilibrium conditions; it assumes that Rubisco always has an equilibrated pool of carbon to
choose from. If Rubisco is inside a cell and CO2 enters the cell by diffusion, then the diffusive
exchange with the medium outside the cell must be faster than the rate at which Rubisco fixes
CO2. If not, then Rubisco will use all CO2 as fast as it enters the cell, because the rate limitation
by diffusion will be bigger than the small rate limitation of 13C fixation. From theoretical
considerations it can be predicted that the 13C discrimination will vary linearly with µ/CO2

*

(Laws et al. 1995, Rau et al. 1996), in which µ is the specific growth rate of the algae.
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Because the difference in rates between the reaction that uses 12C relative to the reaction
that uses 13C is so very small there are restrictions on the experimental design: If an experiment
is conducted in a closed bottle then cells will first preferentially fix 12C. If the amount of carbon
that the cells use in the course of an experiment is a significant portion of the amount of
dissolved carbon in the bottle (more than a few percent) then the 13C/12C ratio in the medium
will increase because the cells are removing 12C, and the fraction of 13C that is incorporated into
the biomass will increase with this ratio in the course of the experiment. This is called Rayleigh
distillation. Disequilibrium conditions are not necessarily a disadvantage. If photosynthesis
increases the 13C pool of inorganic carbon inside the cell, then the 13C/12C ratio in calcite can be
used to determine if calcification uses the same pool of inorganic carbon or fixes inorganic
carbon that enters the cell through a separate route. Since the 13C discrimination of enzymatic
conversion of CO2 to HCO3

- by carbonic anhydrase is different from the uncatalysed
discrimination, 13C discrimination can provide information on the activity of carbonic
anhydrase. As is mentioned in ‘Materials and methods’ of chapter 2 the 13C discrimination was
measured in samples of POC (particulate organic carbon) and CaCO3 of E. huxleyi grown at
different conditions of the dissolved inorganic carbon system (Figure 1.13). Since the
experimental setup was designed for POC/PON analysis of these samples (chapter 2) rather than
for 13C discrimination, DIC-use was between 5 and 40%, and Rayleigh distillation will have
influenced the results. This is probably the reason that the quality of the data is poor, and no
conclusions could be drawn from them (further reading: Raven et al. 1993, McConnaughey
1989a, b).

1.4 The influence of the inorganic carbon system on E. huxleyi in the
laboratory

The production of coccoliths is an energy requiring process (cf. Anning et al. 1996). Thus,
although the function of these coccoliths is not known, the evolution theory predicts that they
convey an advantage to the coccolithophorids, for otherwise they would either have lost this
ability to produce coccoliths, or they would have been replaced by other algae. Young (1994)
has compiled possible functions that have been suggested. One of the suggested functions is to
enable coccolithophorids to use HCO3

- for photosynthesis (Paasche 1962), the concentration of
which is 100 times that of CO2. Raven & Lucas (1985) have outlined which data will be
necessary to calculate the energy costs for algae to depend on diffusive entry of CO2, or of using
a carbon concentrating mechanism (CCM). Anning et al. (1996) have determined some of the
parameters that will be needed to calculate the cost for a coccolithophorid to use its particular
method of DIC uptake. There is still some way to go, but when this line of investigation is
completed it should be possible to define under which conditions coccolithophorids will do
better or worse than algae that use a CCM. In chapter 2 no new suggestions are made as to the
possible function of calcification or the mechanism of carbon-use, but the tight coupling that
was found between the use of bicarbonate (HCO3

-) in calcification and photosynthesis suggests
that this coupling is functional. It is also shown that the K½ of CO2-use in photosynthesis is
lower than was previously found (Paasche 1964, Raven & Johnston 1991). This means that
photosynthesis is saturated with CO2 under normal oceanic conditions.

Tortell & Morel (1999) have observed a lower calcification rate of coccolithophorids at a
higher CO2 concentration of 800 µatm. However, at constant alkalinity E. huxleyi shows an
increase in calcification rate with increasing CO2 concentration. For fast increases in
atmospheric CO2 (30% during the last 150 years) relative to the exchange rate of alkalinity in
the ocean (on the order of 100.000 years) the ocean has a constant alkalinity. At constant
alkalinity, a doubling of fCO2 from 360 to 720 µatm would increase the HCO3

- concentration by
10%, the calcification rate by 8%, the photosynthesis rate by 7% and the C/P ratio by 0.9%
(chapter 2). A 7% increase in growth rate and an 0.9% increase in the C/P ratio would lead to a
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1% smaller atmospheric sink (potential flux in chapter 5) for a bloom of E. huxleyi (statement
4). At constant DIC, constant pH and constant CO3

2- (experimental details are not given in the
abstract of Tortell & Morel, 1999) the HCO3

- concentration also increases with fCO2. Although
the coccolithophorids that Tortell & Morel (1999) studied may not have been E. huxleyi there is
no reason to assume that other coccolithophorids would use CO3

2- rather than HCO3
- as a

substrate for calcification.
Having quantified the use of CO2 and HCO3

- by E. huxleyi (chapter 2), we then
investigated the coupling between calcification and photosynthesis (chapter 3). It can be
calculated that the rate at which calcification generates protons (H+) is higher than the
spontaneous rate of hydration of bicarbonate (HCO3

-, Table 3.1). Thus, given the observed tight
coupling between calcification and photosynthesis (Figure 2.4) the enzyme carbonic anhydrase
must be present to catalyse this hydration (Figure 2.1). Indeed, carbonic anhydrase has been
detected in the chloroplasts of E. huxleyi (Nimer et al. 1994a). Since zinc (Zn) is a cofactor of
carbonic anhydrase, the enzyme will not be active without zinc, and a reduced activity can be
expected under zinc limitation. Our hypothesis, then, was that the coupling between
calcification and photosynthesis would become less efficient under zinc limitation. It was found
that the interactions between zinc and inorganic carbon use were more complicated than
predicted. On the one hand it was found that zinc limitation reduces the efficiency with which
bicarbonate is used (Figures 3.2 & 3.3). On the other hand it was also seen that under zinc
limitation the use of CO2 is compromised, as can be seen from the negative growth rates at low
zinc, low bicarbonate and high CO2 (Figures 3.2 & 3.3). This had not been expected since CO2

can be used directly in the photosynthetic fixation of inorganic carbon into organic carbon
(CO2

ex in Figure 3.4). Since this CO2 limitation at low zinc was alleviated by HCO3
- this must

be directly attributed to the function of carbonic anhydrase in the cell, and not to an effect of
zinc limitation in any of the many other cellular functions of zinc. It is possible that this is
connected with the intracellular pH regulation, since HCO3

- is the main cellular pH buffer
(Brownlee et al. 1995).

1.5 The influence of E. huxleyi on the inorganic carbon system in the sea
On geological time scales the amount of calcite that gets buried in the sediment is not a

function of the amount that is produced. At steady state the amount of calcium that gets buried
must equal the amount that enters the sea, mostly by rivers (see: the global carbonate cycle).
Approximately 3 times as much CaCO3 is produced as ends up in the sediment (Figure 1.2).
The rest is dissolved, either below the lysocline where the water is undersaturated with respect
to calcite, or above the lysocline coupled to the oxidation of organic matter (see chapter 4).

This argument applies on geological time scales where steady state can be assumed.
However, our interest lies in global change on decadal time scales: the departure from steady
state that is caused by human actions, as distinguished from, but also concurrent with,
departures that are caused by other natural changes. The human impact on the global carbon
cycle is caused for a large part by the burning of more fossil fuels than are being buried in the
sediments. In Table 1.2 it is indicated that 30 % of the anthropogenic CO2 ends up in the ocean.
While it is clear that life in the ocean is transporting carbon from the surface ocean into the
deep sea and onto the sea floor, it is not clear whether this transport has become faster through
global change.

As to the coccolithophorids there is an active debate whether they are less or more
efficient contributors to this biological carbon pump relative to other algal species. The reason
for this uncertainty is that calcification by itself changes the equilibria of inorganic carbon in
the seawater towards an increase in the concentration of CO2. However, calcification is
performed by plants, and thus is coupled to photosynthesis, which reduces the concentration of
CO2. The overall effect is of a reduction in the concentration of CO2, but it has been argued that
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this reduction is smaller than would have been accomplished by other organisms (Robertson et
al. 1994) and by inference that if global change shifted the species composition towards fewer
coccolithophorids, or lower calcification rates (Tortell & Morel 1999, see section 1.4), the
biological carbon pump might run more effectively. Wal et al. (1995) found evidence to the
contrary: within a bloom of E. huxleyi fecal pellets contained coccoliths and sank more rapidly
due to the high density of calcite, while outside the bloom the fecal pellets remained suspended
in the upper ocean longer and were broken down to a greater extent. Indeed, within the bloom
the concentration of CO2 was lower than outside (chapter 4). By compiling a model based on
the observed fluxes of carbon in a bloom (chapter 5) we are able to reconcile the observations
of Robertson et al. (1994), Wal et al. (1995) and Buitenhuis et al. (1996, chapter 4). In the
model the sedimentation rate was proportional to the sinking rate of fecal pellets. The sinking
rate was calculated from Stokes’ law, in which the density of the fecal pellets was calculated
using the standing stocks of particulate organic carbon (POC) and CaCO3 in the upper mixed
layer. It was then possible to calculate the air-sea flux of CO2 as a function of the C/P
production ratio (Figure 5.5), and it was shown that blooms of E. huxleyi are more efficient
carbon sinks than non-calcifying algae (statement 5).

This argument becomes even more important under steady state conditions, as is
discussed above. The amount of calcite produced is not the controlling factor in the oceanic
calcium budget, because the amount of calcite that is buried is matched to the amount of
alkalinity entering the oceans, while any extra calcite that is produced is dissolved. A higher
abundance of coccolithophorids would thus lead to a higher burial rate of organic carbon while
leaving the burial rate of calcite unchanged. In other words, the alkalinity budget of the ocean
would be unchanged while decreasing the DIC content, resulting in a lower atmospheric CO2

concentration. In fact, if the alkalinity budget is governed by the atmospheric CO2

concentration, as has been suggested by Broecker & Sanyal (1998), then a negative feedback
may operate to keep the atmospheric CO2 concentration within certain boundaries. If
atmospheric CO2 increases the weathering of calcareous rocks on land then this mechanism
alone would tend to buffer the CO2 concentration, because this weathering uses CO2.
Additionally, an increased input of alkalinity into the ocean by the rivers may decrease the
dissolution of CaCO3 in the surface ocean and thus increase the sedimentation of CaCO3 and the
POC associated with it from the organisms that precipitated the CaCO3. This POC may then
transport enough C downwards to bring the atmospheric CO2 concentration to the original
value, and thus also the original lower weathering rate. Thus, the coupling of the global
carbonate and organic carbon cycles may function to maintain the CO2 concentration in the air
within a range that is optimal for life on earth.


